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Abstract The crystallization of the lunar magma ocean (LMO) determines the initial structure of the
solid Moon. Near the end of the LMO crystallization, ilmenite-bearing cumulates (IBC) form beneath the
plagioclase crust. Being denser than the underlying mantle, IBC are prone to overturn, a hypothesis that
explains several aspects of the Moon's evolution. Yet the formation of stagnant lid due to the temperature
dependence of viscosity can easily prevent IBC from sinking. To infer the rheological conditions allowing
IBC to sink, we calculated the LMO crystallization sequence and performed high-resolution numerical
simulations of the overturn dynamics. We assumed a diffusion creep rheology and tested the effects of
reference viscosity, activation energy, and compositional viscosity contrast between IBC and mantle. The
overturn strongly depends on reference viscosity and activation energy and is facilitated by a low IBC
viscosity. For a reference viscosity of 1021 Pa s, characteristic of a dry rheology, IBC overturn cannot take
place. For a reference viscosity of 1020 Pa s, the overturn is possible if the activation energy is a factor of
2–3 lower than the values typically assumed for dry olivine. These low activation energies suggest a role for
dislocation creep. For lower-reference viscosities associated with the presence of water or trapped melt,
more than 95% IBC can sink regardless of the activation energy. Scaling laws for Rayleigh-Taylor instability
confirmed these results but also showed the need of numerical simulations to accurately quantify the
overturn dynamics. Whenever IBC sink, the overturn occurs via small-scale diapirs.
Plain Language Summary The accretion of the debris resulting from the giant collision
that formed the Earth-Moon system caused the formation of a deep lunar magma ocean. The initial
composition profile of the Moon results from the solidification of this magma ocean. One of the late
solidification products is a thin layer containing ilmenite, which is highly enriched in titanium and forms
over a depth of about 40–80 km. This layer is much denser than the underlying mantle, it tends thus to
overturn and sink toward the core. The overturn hypothesis explains several features of the evolution of the
Moon. However, the strong temperature dependence of the viscosity makes the part of the mantle where
this titanium-rich layer solidifies very stiff and its overturn very difficult. In this work, we used numerical
simulations to infer which deformation properties the mantle needs to have for the overturn to be possible.
We found that the overturn requires a significantly weaker and less temperature dependent viscosity than
usually thought. The required low viscosity and its weak temperature dependence can be explained by the
presence of water and residual melt in the Moon and/or by the effects of nonlinear deformation dependent
both on temperature and stress.
1. Introduction
Crystallization models of the lunar magma ocean (LMO) indicate that after the formation of a primordial
crust by plagioclase flotation, ilmenite-bearing cumulates (IBC) containing Ti-rich oxides formwhen 87–95
vol.% of the mantle has solidified (e.g., Elardo et al., 2011; Elkins-Tanton et al., 2011; Snyder et al., 1992).
With a density of more than 3,700 kg/m3 (Elkins-Tanton et al., 2002), IBC are significantly denser than the
underlying olivine- and pyroxene-rich mantle, hence gravitationally unstable and prone to overturn.
The hypothesis of the overturn of the LMOwas first put forth byRingwood andKesson (1976) to interpret the
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• Stagnant lid formation prevents
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IBC, being also highly enriched in heat-producing elements, are thought to heat up, rise buoyantly through
the mantle, and undergo partial melting, providing thus a source for Ti-rich surface basalts (e.g., Hess &
Parmentier, 1995). In addition, the extensive volcanic units on the lunar nearside, the so-called Procellarum
KREEP Terrane, have been hypothesized to be the consequence of a degree-one upwelling of ilmenite-rich
material rising from the CMB (Zhang et al., 2013a; Zhong et al., 2000). Cooling of the core induced by
upwelling IBC may have been at the origin of an early lunar dynamo (Cisowski et al., 1983; Shea & Fuller,
2012; Stegman et al., 2003). Furthermore, overturned IBCmay also be responsible for the low-viscosity zone
inferred to be present above the CMB (Harada et al., 2014; Weber et al., 2011).
Although the hypothesis of the IBC overturn provides a suitable explanation for several aspects of lunar
evolution, it still poses a problem related to the dynamics of the overturn itself. At the relatively low tem-
peratures at which IBC crystallize, the rapid formation of the stagnant lid—the cold and stiff part on the
uppermost mantle—can easily prevent these cumulates from sinking downward (Elkins-Tanton et al., 2002;
Van Orman & Grove, 2000). As a consequence, IBC would remain permanently trapped in a highly vis-
cous layer beneath the plagioclase crust, rendering it difficult to invoke the overturn of late-stage, Ti-rich
cumulates as a possible explanation for the issues described above.
Indeed, theoretical models of the interior evolution of the Moon often use initial conditions that reflect
a compositional configuration subsequent to the IBC overturn, which is implicitly assumed to take place
despite the difficulties related to the formation of the stagnant lid (e.g., Evans et al., 2014; Stegman et al.,
2003; Zhang et al., 2013a, 2013b, 2017). An exception to this simplified approach is the work by de Vries
et al. (2010) who modeled the overturn of IBC using a diffusion creep rheology based on the linearized
form of the Arrhenius law, the Frank-Kamenetzkii approximation. However, it is well known that under
this approximation the strong viscosity gradients delivered by the more realistic Arrhenius law are drasti-
cally reduced (e.g., Stein & Hansen, 2013). The effective viscosity of near-surface layers obtained using the
Frank-Kamenetzkii approximation is much smaller, with the consequence that the mobilization of the IBC,
and possibly even of the bottom of the crust, is strongly facilitated.
Assessing the conditions under which the overturn of IBC can take place is thus critical to understand
the role of late-stage cumulates in the lunar evolution. Here we analyze this problem by using a strongly
temperature-dependent Arrhenius law for diffusion creep and investigate its effects on the development of
the IBC overturn.
2. Methods
2.1. Crystallization of the LMO
Wemodeled the crystallization of the LMO in spherical geometry using the alphaMELTS software (Ghiorso
et al., 2002; Smith & Asimow, 2005). Assuming the lunar core to have a composition ranging from pure
Fe to Fe-FeS, its radius has been estimated to be between 200 and 530 km (Hood & Jones, 1987; Kuskov &
Kronrod, 2001; Kuskov et al., 2002; Weber et al., 2011). In this study, we considered a core radius of 390 km
(e.g., Laneuville et al., 2013) and a whole-mantle magma ocean occupying a spherical shell with a depth
of 1,350 km. This core radius was chosen in order to match the density of the Moon based on the assumed
magma ocean composition (see below). The variability of the maximummagma ocean depth resulting from
the uncertainty of the core size is too small to cause significant changes in the bulkmineralogy of themagma
ocean cumulates, especially at the final stages of IBC crystallization. Some studies suggest that a density
discontinuity at a depth of 500–600 km specifies the bottom of LMO, but it is still unknown whether or not
this feature is ubiquitous (Wieczorek et al., 2006).
We assumed a purely fractional crystallization by cooling themagma ocean in temperature steps of 1 Kwith
the retention of 5% trapped liquid (e.g., Elkins-Tanton et al., 2011). Note that the amount of trapped liquid
does not significantly change the IBC thickness and bulk composition. We also assumed a constant oxygen
fugacity set at one log-10 unit below the Iron-Wüstite buffer (IW-1). This value lies within the range from IW
to IW-2 estimated for the Moon on the base of the composition of mare basalts (Wadhwa, 2008). Deviations
of 1 order of magnitude from the average IW-1 throughout the crystallization history of themagma ocean do
not significantly affect the calculated bulk mineralogy or thickness of the IBC, so that they can be ignored
for the scope of this study.
We used a starting bulk composition with main oxide content as proposed by O'Neill (1991) but an elevated
TiO2 content of 0.4 wt.% corresponding to the maximum estimates of other authors (Buck & Toksoez, 1980;
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Elkins-Tanton et al., 2011; Morgan et al., 1978; Snyder et al., 1992). This choice tends to maximize the thick-
ness of the resulting IBC layer (36 km as shown in section 3.1), which can then be properly resolved with
the mesh of our numerical model. Using the minimum estimate (0.17%) for the TiO2 content would reduce
the thickness of the IBC layer by about 10%. The bulk content of the heat-producing elements U, Th, and K
was set according to the estimate proposed by Taylor (1982).
All solids, except plagioclase, formed in a given temperature step were assumed to instantaneously form
a cumulate at the bottom of the LMO and equilibrate with the melt at the respective pressure conditions.
The depth of the LMO and its bottom pressure were updated after each crystallization step according to the
volume of the crystallized cumulate. All the precipitated plagioclase was assumed to float to the surface and
form the anorthositic crust.
At high pressure, the pMELTS algorithm produces garnet as a liquidus phase, which is inconsistent with
fractional crystallization experiments (Elardo et al., 2011; Rapp & Draper, 2018). By suppressing garnet for-
mation in the model, the bulk mineralogies of experimental studies (Charlier et al., 2018; Rapp & Draper,
2018) can be reproduced with deviations smaller than 3 vol%.
2.2. Thermochemical Convection
To simulate the dynamics of the overturn and the thermochemical evolution of the mantle, we used our
finite-volume code Gaia (Hüttig et al., 2013) to solve the conservation equations of mass, linear momentum,
and thermal energy under the Boussinesq approximation for a fluid with infinite Prandlt number heated
from within by decaying heat sources and from below by the core (e.g., Laneuville et al., 2013; Tosi, Grott,
et al.,2013). In addition, we used the particle-in-cell method as implemented in Gaia (Plesa et al., 2012) to
solve a nondiffusive transport equation to treat the advection of chemical composition. In nondimensional
form, the equations read respectively:


















𝜕t + u · ∇C = 0 , (4)
where u is the velocity vector, p the dynamic pressure, 𝜂 the viscosity, T the temperature, C the composi-
tion from which also the weighting function H is computed (see below), and er the unit radial vector. The
nondimensional quantities Ra, RaC, and RaQ are the thermal Rayleigh number, the compositional Rayleigh
















where 𝛼 is the thermal expansivity, 𝜌m, 𝜌IBC, and 𝜌cr the density of the mantle, IBC, and crust, respectively, g
is the gravitational acceleration,D themantle thickness, 𝜂r the reference viscosity (see equation (12) below),
𝜅 the thermal diffusivity, 𝛥T = Tc − Ts the initial temperature difference across the mantle (Tc is the ini-
tial CMB temperature), Q = Q(t) is a time-dependent heat production rate, and k the thermal conductivity.
With the exception of the viscosity (see equations (11) and (12) below), we kept all other parameters con-
stant. Because of the limited pressure range of the lunar mantle (≈4–5 GPa) both the thermal conductivity
and expansivity are expected to vary with depth by 10–20% at most (e.g., Tosi, Yuen, et al., 2013). Although
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Table 1
Parameter Values Used in the Numerical Simulations
Symbol Description Value Unit
Rp lunar radius 1,740 km
Rc core radius 390 km
Dcr crust thickness 43 km
DIBC IBC thickness 36 km
D mantle thickness 1,350 km
g gravity acceleration 1.6 g/m2
Ts surface temperature 250 K
Tc initial CMB temperature 2180 K
𝛥T temperature scale 1930 K
Tr reference temperature 1600 K
𝛼 thermal expansivity 3 × 10−5 K−1
𝜅 thermal diffusivity 10−6 m2/s
k thermal conductivity 4.0 W·m−1 ·K−1
cc core heat capacity 840 J·K−1 ·mol−1
Qcr initial crust heat production rate 3.11 × 10−10 W/kg
QIBC initial IBC heat production rate 4.35 × 10−11 W/kg
Qm initial mantle heat production rate 2.77 × 10−12 W/kg
𝜏1/2 half-life 1.63 Gyr
𝜌cr crust density 2,715 kg/m3
𝜌IBC IBC density 4,012 kg/m3
𝜌m mantle density 3,204 kg/m3
𝜌c core density 7,200 kg/m3
𝜂r reference viscosity 1018–1021 Pa s
E activation energy 100–300 kJ/mol
V activation volume 0, 6 × 10−6 m−3 ·mol−1
𝛥𝜂IBC IBC to mantle viscosity ratio 0.1, 1 –
Note. All parameters were held fixed apart from the reference viscosity 𝜂r, activation
energy E, activation volume V , and IBC-mantle viscosity contrast 𝛥𝜂IBC that have been
varied.
considering the depth dependence of these quantities can lead to some differences in the global long-term
evolution of the interior (Zhao et al., 2016), the dynamics of the overturn on which we focus in this work is
not going to be significantly affected. In contrast to the small variations of thermal expansivity and conduc-
tivity, the gravity acceleration decreases by nearly a factor of 3 from the surface (g = 1.67 m/s2) to the CMB
(g = 0.6 m/s2) due to the small size of the core (e.g., Garcia et al., 2011). As we will show in section 3.2,
the effects of radial gravity variation on the IBC overturn, which is largely controlled by the properties of
the shallow mantle, are minor, and in most of the simulations we consider a constant gravity acceleration.
Numerical values of the parameters that we used are reported in Table 1.
Nondimensional variables in equations (1)–(4) are obtained employing usual scaling factors. The length is
scaled with the mantle thickness D; the time with the diffusion time scale D2∕𝜅; the velocity with 𝜅∕D; the
pressure with 𝜂r𝜅∕D2; the temperature with the temperature scale 𝛥T.
As wewill show in section 3.1, for our dynamic simulations we simplified the crystallization sequence of the
LMO calculated with alphaMELTS by considering three mainmaterials, namely the crust, IBC, andmantle.





where 𝜌i is the dimensional density of crust, IBC, or mantle. Upon solving the momentum equation (2),
the compositional buoyancy term is obtained by locally averaging the field C (which is defined on particles)
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around every grid point (Plesa et al., 2012). The weighting function H is defined simply by scaling the heat
production rate of each of the three materials with that of the IBC, that is,
H = Qi∕QIBC, (9)
where Qi is the heat production rate of the crust, IBC, or mantle, whose values, like those of the density, are
reported in Table 1. The dimensional heat production rate appearing in the Rayleigh number for internal
heating (equation (7)) decreases exponentially with time according to the expression:





where 𝜏1/2 is a lumped half life that accounts for the decay of the three long-lived radiogenic isotopes of U,
Th, and K. Note, however, that within the relatively short time scale over which we run our simulations
(200 Myr), radiogenic decay plays a nearly negligible role for the mobilization of the IBC layer.
We considered a linear mantle rheology with a viscosity that can also depend on composition. Ilmenite is
a rheologically weak component in the ilmenite-olivine aggregate (Dygert et al., 2016). In the presence of
some amount of ilmenite, mantlematerialsmay have a lower viscosity with respect to the pure end-member.









where 𝜙IBC is the volume fraction of IBC, 𝜂m the mantle viscosity (see below), and 𝛥𝜂IBC a prefactor that
controls the viscosity contrast between IBC and lunar mantle. In determining equation (11), we adopted the
isostress mixing model, the so-called Reuss model, to blend the rheology of ilmenite and lunar mantle. This
model can provide a good approximation of the rheology of ilmenite-contaminated mantle materials at the
typical strain of mantle convection (Dygert et al., 2016; Jordan, 1987). For themantle, we assumed a strongly
temperature-dependent viscosity based on the Arrhenius law for diffusion creep, whose dimensional form
reads as follows:








where E is the activation energy, R the gas constant, and 𝜂r the reference viscosity at reference temperature
Tr. In equation (12), we neglected the contribution pV (i.e., pressure times activation volume) to the activa-
tion enthalpy because of the small pressure range of the lunar mantle (≈4 GPa (e.g., Wieczorek et al., 2006).
For a typical value of the activation volume of 6 ·10−6 m3/mol (e.g., Hirth & Kohlstedt, 2003), pV contributes
24 kJ/mol to the activation enthalpy, which results only in a slight increase of the viscosity with pressure
(about a factor 4 at 4 GPa and 2000 K). In section 3.2 we demonstrate that this contribution is indeed negligi-
ble. In order to limit the extremely high viscosity implied by the Arrhenius law (12) at low temperatures, we
imposed a fixed maximum viscosity contrast 𝛥𝜂max of 1010, large enough for all our simulations to be well
in the stagnant lid regime (e.g., Guerrero et al., 2018). Specifically, the minimum viscosity (𝜂min) obtained
from equation (11) is free to vary according to temperature and composition, while the maximum viscosity
is recalculated at each time step as 𝜂max = 𝜂min𝛥𝜂max. This ensures that the viscosities obtained in the region
relevant for the overturn are not modified by artificial cuts. All parameter values used in the simulations are
reported in Table 1.
The conservation equations (1)–(4) were solved in a half-cylindrical domain (i.e., with angular coordinate
from 0 to 𝜋) meshed with a structured grid where each shell of the domain contains the same number of
computational nodes. The grid has a uniform radial resolution of 4.5 kmand a lateral resolution varying from
approximately 3 km at the CMB to 14 km at the surface. The high resolution allows us to properly resolve the
dynamics of the IBC whose initial thickness, as we will show in section 3.1, is just 36 km, and to deal with
very low viscosities that cause convection to be characterized by small spatial scales. All domain boundaries
were assumed to be free slip and impermeable. Energy conservation was solved using isothermal surface
and CMB, and insulating sidewalls. Since here we focus only on the overturn phase and early dynamics of




𝜕t = −qcAc, (13)
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where 𝜌c is the core density, cc the core heat capacity, Vc the core volume, Tc the CMB temperature, qc the
laterally averaged heat flux at the base of the mantle calculated at each time step according to the evolving
temperature gradient at the CMB, and Ac the area of the CMB. In equation (13) we neglect the release
of latent heat and the change of gravitational potential energy caused by inner core growth due to their
secondary role in controlling the CMB heat flux during the first 500 Myr of lunar evolution (Laneuville
et al., 2014). Furthermore, it is unlikely for the inner core to start growing before ≈200 Myr (Laneuville
et al., 2014), the time interval over which we run our simulations.
The initial profiles of temperature and composition are obtained from modeling of the crystallization
sequence of the LMO (see Figure 4), which is presented in section 3.1. Convection was initiated by imposing
a small random perturbation with an amplitude of 1% of 𝛥T on the initial temperature field.
2.3. Tracking the Cumulate Overturn
Choosing to perform our simulations in a 2-D cylindrical geometry allows us to reach a high resolution that
would be difficult to achieve in a fully spherical geometry. Such a high resolution is necessary to deal both
with the overturn of the thin IBC layer (36 km as shown in section 3.1) and with very low viscosities that
cause convection to be small scale (see section 2.4). Although the use of a cylindrical geometry does not
affect the rheological conditions for the overturn, it influences the final thickness of the overturned IBC—a
parameter adopted to track the overturn of IBC in previous investigations—once these accumulate above
the core. Assuming that all the overturned IBC finally deposit onto the bottom of lunar mantle, Figure 1a
shows the thickness of the overturned IBC above the CMB in 2-D-cylinderical and spherical geometry as
a function of 𝛥DIBC∕DIBC, where 𝛥DIBC is the thickness of mobilized IBC and DIBC is the initial thickness
of the crystallized IBC layer (36 km in this work). Here 𝛥DIBC∕DIBC = 0 if IBC do not overturn and 1
if they overturn completely. As shown in the figure, such thickness tends to be strongly underestimated
when using a cylindrical geometry. We also note that the thickness of overturned IBC estimated here is
just representative of an ideal condition. As we will show below (see Figures 6 and 7), the amount and,
correspondingly, the thickness of overturned IBC can also be affected bymixing of these cumulates with the
underlying mantle material.
To avoid the influence of the geometry upon tracking themobility of IBC, we simply tracked the evolution of
the volumetric fraction of the overturned IBC (i.e., mobilized from its initial position in the shallowmantle)
as follows:
𝜓IBC =
VIBC − V ′IBC
VIBC
× 100%, (14)
where VIBC is the total volume of IBC and V ′IBC is the volume of IBC, which does not participate in the
overturn and remains locked in the stagnant lid. In Figure 1b, we plot the ratio between the 𝜓 IBC calculated
for a 2-D cylinder and a 3-D sphere as a function of 𝛥DIBC∕DIBC. The 2-D cylinder affects 𝜓 IBC by ≈1% at
most, indicating that this quantity is insensitive to the domain geometry.
As the thickness of overturned IBC above the CMB is sensitive to the domain geometry, it is not appro-
priate to employ a 2-D-cylindrical geometry to investigate the postoverturn thermochemical evolution of
the Moon. Once IBC accumulate above the CMB, their convective instability, which might develop as a
long-wavelength structure, also depends on the domain geometry and on the thickness of the overturned
layer (e.g., Zhang et al., 2013b). Because of this limitation, herewe restrict our analysis to the overturn phase.
2.4. Model Parameters
We held all model parameters fixed except for the reference viscosity (𝜂r), activation energy (E), and vis-
cosity contrast between IBC and mantle (𝛥𝜂IBC), which are the free parameters of our simulations (see
equations (11) and (12)). We varied the reference viscosity 𝜂r at 1600 K from 1018 to 1021 Pa s. The value of
1021 Pa s approaches the viscosity of dry peridotite (e.g., Hirth&Kohlstedt, 2003). The lower limit of 1018 Pa s
is characteristic of a weak rheology, representative of a hydrated mantle, with a possible role for deforma-
tion via dislocation creep. Additionally, we tested the effects of the pressure dependence of the viscosity by
running two selected simulations accounting for an activation volume of 6 cm3/mol (see section 3.2 and
Figure 5).
Recent investigations on lunar picritic glasses suggest that the bulk Moon is significantly more water-rich
than previously thought. By taking into account volatile degassing during magma eruptions, the water con-
tent of primitive lunarmagmaswas estimated to be of the order of hundreds of parts permillion (Hauri et al.,
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Figure 1. (a) Thickness of overturned ilmenite-bearing cumulates (IBC) and (b) ratio between 𝜓 IBC for a 2-D cylinder
and a 3-D sphere as functions of 𝛥DIBC∕DIBC, where 𝛥DIBC is the thickness of mobilized IBC.
2015; Saal et al., 2008). Based on free oscillations data and lunar electromagnetic sounding, Karato (2013)
also suggested that the bulk Moon could contain as much water as the Earth's asthenosphere (≈100 ppm).
Assuming an activation energy for diffusion creep of 300 kJ/mol, a water concentration of approximately
600 ppmwould be required to achieve a viscosity of 1018 Pa s at 1600 K in absence ofmelt (Hirth&Kohlstedt,
2003). Considering, for example, a trapped melt fraction of 2% or 5%, the same viscosity would be obtained
with water concentrations of ≈345 ppm or ≈140 ppm, respectively.
Alternatively, deformation via power law dislocation creep (not explicitly considered in this work) could
also contribute to reduce the reference viscosity to such a low level. In Figure 2, we plot the viscosity as
a function of temperature associated with pure diffusion creep and with a hybrid rheology, which couples
dislocation and diffusion creep. For this plot, we used flow laws for diffusion and dislocation creep of olivine
from Hirth and Kohlstedt (2003) together with the isostress mixing model (Jordan, 1987), and considered
reference viscosities of 1021 Pa (Figure 2a), 1020 Pa (Figure 2b), and 1019 Pa (Figure 2c) corresponding to
grain sizes of 12.1, 5.6, and 2.6 mm, respectively.
Besides the reference viscosity, we varied the activation energy between 100 and 300 kJ/mol. Estimates of the
activation energy for the deformation of dry olivine in the diffusion creep regime range from 300 (Karato &
Wu, 1993) to 375 kJ/mol (Hirth &Kohlstedt, 2003).Wet diffusion creep in olivine is typically associated with
slightly lower activation energies, between 240 (Karato & Wu, 1993) and 335 kJ/mol (Hirth & Kohlstedt,
2003). Christensen (1984) suggested that the thermal effects of power law creep can be reproduced by a
diffusion creep rheologywith an effective activation energy reduced by a factor between 2 and 3.Values of the
activation energy near the lower end of the investigated range (100 kJ/mol) reflect this idea. Furthermore,
as shown in Figure 2, the viscosity of a mantle deforming with a composite rheology would also exhibit a
weaker temperature dependence, which is indicative of a reduced effective activation energy.
As a rheologically weak component within the ilmenite-olivine mixture, the presence of ilmenite can also
reduce the viscosity of ilmenite-bearing materials. Figure 3 shows the viscosity of IBC as a function of
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Figure 2. Viscosity of olivine deforming via diffusion creep (black lines) and via a hybrid rheology coupling diffusion
and dislocation creep based on different strain rates (colored lines) for reference viscosities at 1600 K of 1021 Pa s (a),
1020 Pa s (b), and 1019 Pa s (c), corresponding to grain sizes of 12, 5.6, and 2.6 mm, respectively. Rheological parameters
and flow laws are from Hirth and Kohlstedt (2003).
temperature obtained with an ilmenite content of 6.7 vol.% (as predicted by our crystallization model) and
different strain rates based on the experimental data of Dygert et al. (2016) and the isostress mixing model
to blend the rheology of ilmenite and peridotite. The viscosity of IBC shows a weaker temperature depen-
dence, indicative of a lower effective activation energy and, depending on the strain rate, can be up to few
orders of magnitude lower than the diffusion creep viscosity of olivine.
Overall, at a temperature of ≈1400 K where IBC crystallize (see section 3.1), the viscosity of diffusion creep
(black lines in Figures 2 and 3) is ≈1023, ≈1022, and ≈1021 Pa s for reference viscosities of 1021, 1020, and
1019 Pa s, respectively. If diffusion creep is coupled with olivine dislocation creep (as in Figure 2) or with
ilmenite dislocation creep (as in Figure 3), the resulting viscosity is significantly reduced. For example, for a
relatively large strain rate of 10−14 s−1, at 1400 K, such reduction is of about 3, 2, and 1 orders of magnitude
when assuming reference viscosities of 1021, 1020, and 1019 Pa s, respectively (compare red dashed and black
lines in Figures 2 and 3).
Here, we just varied the prefactor 𝛥𝜂IBC associated with the rheological contrast between mantle and IBC
between 0.1 (corresponding to a weak IBC) and 1 (corresponding to no compositional viscosity contrast).
From a numerical standpoint, carrying out simulations at very low reference viscosities and high activa-
tion energies such as those considered in this work, is very challenging. In some cases, upon considering
the additional viscosity reduction associated with the IBC, we encountered convergence problems in our
numerical solution scheme that prevented us from carrying out simulations with viscosity contrasts 𝛥𝜂IBC
significantly smaller than 0.1.
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Figure 3. Viscosity of olivine deforming via diffusion creep (black lines) and viscosity of ilmenite-bearing cumulates
based on different strain rates (colored lines) for reference viscosities of 1021 Pa s (a), 1020 Pa s (b) and 1019 Pa s (c),
corresponding to grain sizes of 12, 5.6, and 2.6 mm, respectively. The ilmenite content of IBC is 6.7 vol.%. The
rheological parameters of ilmenite were taken from Dygert et al. (2016).
3. Results
3.1. Crystallization Sequence and Initial Conditions
Using the crystallization model described in section 2.1, we calculated initial profiles of density, tempera-
ture, and heat production rate (Figure 4). The resulting thickness of the plagioclase crust is 43 km, in good
agreement with recent estimates based on the analysis of Gravity Recovery and Interior Laboratory (GRAIL)
data (Wieczorek et al., 2013). We identified the IBC layer with the depth range over which TiO2-rich phases
(Ti-spinel, ilmenite and titanite) crystallize. The thickness of this layer is 36 km, also in good agreement
with previous studies (e.g., Hess & Parmentier, 1995). The average ilmenite content of IBC is ≈6.7 vol.%.
As mentioned in section 2.1, this thickness is obtained by maximizing the Ti content and represents thus
an upper limit. Using minimum estimates of Ti content leads to an IBC thickness of ≈33 km. Lower values
can be obtained by reducing the initial magma ocean thickness. For a 1,000-km-thick magma ocean with
a high Ti content, the IBC layer has a thickness of ≈26 km. The bulk composition also plays a role. At the
lower end of possible thicknesses, we obtained 6.5 km when using the bulk composition of Longhi (2003)
together with a 1,000-km-thick magma ocean and the lowest possible Ti-content. The mantle beneath the
IBC is largely composed of olivine and pyroxene cumulates.
The abrupt jumps in the density distribution around a radius of 1,600 km and within the IBC (Figure 4a)
are due to oscillatory changes of the liquidus phase that occur where several phases are stable close to the
liquidus temperature and thus small changes in the liquid composition by fractional crystallization can
cause a change of the liquidus phase.
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Figure 4. Profiles of density (a), temperature (b), and heat production rate (c) resulting from the crystallization of the
lunar magma ocean in a spherical shell. Black lines indicate the profiles calculated with alphaMELTS, while dashed
red lines indicate the simplified three-layer model used in the simulations. The yellow bar indicates the initial location
of the IBC.
As discussed above, for our dynamic simulations, we simplified the profiles obtained with alphaMELTS
by introducing a three-layer configuration consisting of mantle, IBC, and crust to which we assigned
volume-averaged values of density and heat production rate (red dashed lines in Figures 4a and 4c). For
the initial temperature distribution, we used the profile shown in Figure 4b, which we calculated assuming
that each cumulate layer retains its crystallization temperature over the time scale of LMO solidification.
The initial temperature profile across the plagioclase crust was simply assumed to be linear with a surface
temperature of 250 K.
A KREEP layer with a thickness of about 1 km crystallizes beneath the plagioclase crust and is considered
part of it upon averaging its density and heat production. The high heat production of the crust (Figure 4c)
is also due to the heat sources contained in such a layer.
3.2. Overturn of IBC
Using the radial distributions of composition, temperature, and heat production rate of Figure 4 as ini-
tial conditions, we ran our dynamical simulations keeping track of the fate of the IBC layer. For different
combinations of reference viscosities between 1018 and 1021 Pa s and activation energies between 100 and
300 kJ/mol, Figure 5a shows initial viscosity profiles assuming no rheological contrast between mantle and
IBC (i.e., 𝛥𝜂IBC = 1 in equation (11)). Upon considering a weak IBC layer, the viscosity profiles shown in
Figure 5a are reduced by 1 order of magnitude within the IBC layer (i.e., 𝛥𝜂IBC = 0.1). These profiles are
calculated along the crystallization temperature of Figure 4b and plotted down to a radius of 1,600 km, close
to the depth at which the reference temperature of 1600 K is attained. On the one hand, the higher is the
activation energy, the stronger is the temperature dependence of the viscosity and, as a consequence, the
more rapidly the stagnant lid will grow. On the other hand, a higher reference viscosity results in a less vig-
orous convection and a slower development of the overturn, leaving more time for the stagnant lid to grow
thick enough to prevent IBC from being mobilized.
In Figure 5b, assuming first 𝛥𝜂IBC = 1, we plot the volumetric fraction of overturned IBC as a function
of time for combinations of activation energies and reference viscosities for which at least part of the IBC
layer can be mobilized. For a reference viscosity of 1021 Pa s (not shown in the figure), IBC do not sink,
independent of the activation energy. For a reference viscosity of 1020 Pa s, they are trapped in the stagnant
lid if the activation energy is set to 300 kJ/mol, which is similar to the results of Elkins-Tanton et al. (2002). By
decreasing the activation energy to 200 and 100 kJ/mol, the volumetric fraction of overturned IBC increases
to 14% and 85%, respectively. Independent of the activation energy, more than 95% IBC can eventually sink
for reference viscosities of 1018 and 1019 Pa s, which indicates the central role of this parameter in controlling
the overturn. In Figure 5b we also show two additional simulations with an activation energy of 100 kJ/mol
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Figure 5. (a) Initial viscosity profiles calculated along the temperature profile of Figure 4b for different combinations
of reference viscosity and activation energy assuming no rheological contrast between mantle and IBC. The yellow bar
indicates the initial location of the IBC layer. (b) Volume-fraction of overturned IBC as a function of time for the above
cases and two additional cases where the depth dependence of both the viscosity and of the gravity acceleration are
taken into account. Low activation energies and reference viscosities promote early mobilization and increase the
fraction of overturned IBC. (c) Volume-fraction of overturned IBC as a function of time for reference viscosities of 1019
and 1020 Pa s and assuming IBC to have a viscosity lower than the viscosity of the lunar mantle by 1 order of
magnitude. For the highest reference viscosity that we tested (𝜂r = 1021 Pa s), no IBC overturn was observed,
independent of the activation energy and of the viscosity reduction of IBC.
and reference viscosities of 1019 Pa s (light blue) and 1020 Pa s (orange) in which we took into account the
depth dependence of both the gravitational acceleration and the viscosity. The strong similarity with the
time series of the overturned IBC fraction where these two features are neglected (compare solid blue and
red lines) indicates that the IBC mobilization is largely controlled by the thermomechanical properties of
the shallow mantle.
The overturn of IBC is also facilitated by decreasing the viscosity of the IBC layer itself. In Figure 5c, we
plot the volumetric fraction of overturned IBC as a function of time for reference viscosities of 1019 and
1020 Pa s taking into account a reduction of 1 order of magnitude of the IBC viscosity (𝛥𝜂IBC = 0.1). With
a reference viscosity of 1019 Pa s, a weak IBC fully overturns, independent of the activation energy. With a
reference viscosity of 1020 Pa s, the volumetric fraction of overturned IBC is systematically higher than in
the previous set of simulations employing 𝛥𝜂IBC = 1: 96%, 76%, and 45% for activation energies of 100, 200,
and 300 kJ/mol, respectively. Again, for 𝜂ref = 1021 Pa s, IBC overturn does not take place, even for the
lowest activation energy considered.
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Figure 6. Snapshots of temperature (left column) and composition (right column) for a simulation with 𝜂r = 1019 Pa s
and E = 100 kJ/mol after 3, 4, and 10 Myr. In the composition field, gray indicates crust material, light blue, mantle
material, yellow, IBC, and red, IBC mixed with mantle material.
Figures 6 and 7 show various snapshots of the temperature and composition fields that illustrate the dynam-
ics of the overturn for two cases with 𝛥𝜂IBC = 1, 𝜂r = 1019, and either E = 100 kJ/mol (Figure 6) or
E = 300 kJ/mol (Figure 7). In the first case, the overturn starts with multiple small-scale diapirs at the base
of the IBC layer (Figure 6, top row). These sink rapidly while mixing with mantle material (Figure 6, mid-
dle row) and eventually accumulate above the CMB (Figure 6, bottom row). The use of a half cylinder plays
here a minor but visible role in forcing a radial flow along the two sidewalls. In the second case, the high
activation energy renders the IBC region stiffer. Because of the strong temperature dependence of the viscos-
ity, thermal convection in the deep mantle starts before the onset of the compositional instability (Figure 7,
top row), and when IBC begin to sink, thermal convection is already well developed (Figure 7, middle row).
The relatively high viscosity of the uppermost mantle also causes IBC to drip significantly more slowly than
in the previous case where a lower activation energy is used. After 10 Myr, while the overturn is completed
when assuming E = 100 kJ/mol, most of the IBC still have to sink when assuming E = 300 kJ/mol (com-
pare bottom rows of Figures 6 and 7).We observed the same behavior evenwhenwe accounted for a viscosity
contrast of 1 order of magnitude between mantle and IBC (i.e., 𝛥𝜂IBC = 0.1).
4. Rayleigh-Taylor Instability Analysis
To obtain a better insight into our modeling results, we use here the theory of Rayleigh-Taylor instability to
analyze the overturn of IBC (Scheinberg et al., 2018). A growing Rayleigh-Taylor instability can be described
using the relation:






wherew is the dimensional vertical velocity,w0 its initial amplitude, and tonset is the so-called (dimensional)
onset time. With free-slip boundaries, the onset time of the overturn at the dominant wavelength, that is,
the wavelength characterized by the most rapid growth rate of vertical velocity, can be expressed as (Hess &
Parmentier, 1995; Whitehead, 1988)
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where 𝜂m is mantle viscosity, 𝜂IBC the IBC viscosity, 𝜌m and 𝜌IBC the corresponding densities, gIBC the
gravitational acceleration at the depth of the IBC layer, and DIBC the IBC thickness.
The viscosities 𝜂m and 𝜂IBC depend on the mantle temperature. Before the onset of the overturn, the heat
transfer in the lunar mantle is controlled primarily by conduction. Therefore, we modeled the evolution of






where T is now the dimensional temperature, t the dimensional time, and Q the dimensional heat produc-
tion rate. Here we used the temperature and heat production rate profiles of Figure 4 as initial conditions.
Since we focused on the temperature evolution before the overturn phase, the heat sources were assumed
to be fixed in space, but to decay with time. To be consistent with equation (16), we solved equation (17) in
a Cartesian geometry.
Figure 8 shows temperature profiles at different times obtained from equation (17). The temperature across
the IBC layer decreases with time. As a consequence, the IBC viscosity also increases and so does the onset
time according to equation (16). The overturn of IBC cannot take place unless the onset time is shorter than
the actual time that has elapsed, that is, tonset < t. Otherwise, the viscosity of the IBC layer becomes too
large to allow the vertical velocity to increase sufficiently with the consequence that the IBC will remain
trapped in the growing stagnant lid.
We also note that equation (16) is derived by assuming the mantle and IBC viscosity to be constant. How-
ever, a depth-dependent temperature profile also leads to a depth-dependent viscosity profile. Therefore, to
employ equation (16), we set 𝜂m to the viscosity calculated at the IBC-mantle interface and 𝜂IBC to the vol-
umetrically averaged viscosity of the IBC layer. Both 𝜂m and 𝜂IBC are functions of temperature and hence
of time.
Figure 9 shows the estimated onset time as a function of the actual simulation time for all combinations of
activation energy and reference viscosity that we tested. In Figure 9a, corresponding to 𝜂r = 1021 Pa s, none
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Figure 8. Temperature profiles at different times before the overturn phase obtained by solving equation (17). The
yellow bar indicates the position of the ilmenite-bearing cumulates layer.
of the three curves, which correspond to different activation energies, intersects the dashed line that indi-
cates the time elapsed, t, equals tonset. Therefore, the overturn cannot take place for this reference viscosity,
independent of the activation energy. Figure 9b (𝜂r = 1020 Pa s) shows that the overturn can take place for
E = 100 kJ/mol, but it cannot for E = 300 kJ/mol and is marginally possible for E = 200 kJ/mol. The lat-
ter case is consistent with the overturn of a limited amount of IBC as predicted by our dynamic models (see
red dashed line in Figure 5b). In Figures 9c and 9d (𝜂r = 1019 Pa s and 𝜂r = 1018 Pa s), all curves intersect
with the dashed line, which implies that the overturn of IBC is always possible. These results are consistent
with, and explain the physical controls on the overturns in the dynamic simulations shown in Figure 5b.
We note that the intersection region for which tonset < t just specifies the regime in which the overturn
of IBC is possible, but does not indicate when the overturn is going to be significant. For example, the red
solid curve in Figure 9b intersects the dashed line at ≈1 Myr, but the increase of 𝜓 IBC becomes significant
at ≈40 Myr when using the same combination of reference viscosity and activation energy (see Figure 5b).
























Equaion (19) implies that the growth of 𝜓 IBC not only depends on the onset time but also on the initial
vertical velocity. At t = tonset, the growth rate of 𝜓 IBC is just ≈ 2.718w0∕DIBC. As an initial vertical velocity
perturbation, the value of w0 is far smaller than the value of IBC thickness. It is therefore necessary to
expect that a significant overturn develops later than the theoretical onset time. Since the IBC thickness is
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Figure 9. Onset time of the overturn based on a model of Rayleigh-Taylor instability for all combinations of activation energy (E) and reference viscosity (𝜂r).
The time evolution is obtained from equation (16) by computing the ilmenite-bearing cumulates and mantle viscosity according to the temperature calculated
with a conductive cooling model (equation (17)). Mobilization of the ilmenite-bearing cumulates layer is possible if the onset time is smaller than the actual
time.
much smaller than the thickness of the lunar mantle, equations (18) and (19) are also applicable to cases in
spherical and cylindrical geometry.
5. Discussion
As previously recognized by Elkins-Tanton et al. (2002), the rheology of the lunar mantle determines
whether the overturn of IBC can take place or not. Similar to their results, we found that the overturn can-
not take place with the typical reference viscosity and activation energy of dry olivine. However, it can be
facilitated by reducing the reference viscosity, or the activation energy, or the IBC viscosity.
An important factor that can contribute to reducing the reference viscosity, as we discussed earlier, is the
presence of water. With a bulk water content of hundreds of parts per million, the reference viscosity can
be reduced by ≈2 orders of magnitude with respect to its typical value of 1020–1021 Pa s. Regardless of the
activation energy, more than 95% IBC can eventually sink downward with such a low reference viscosity.
Another factor that can lead to a reduction of the reference viscosity is the presence of trapped melt since
fractions of few percent are sufficient to reduce the viscosity by up to 1 order of magnitude. In addition, the
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deformation of the lunarmantle could be controlled by nonlinear dislocation creep.At the typical strain rates
of lunar mantle convection, in fact, the effective viscosity can be reduced by up to 3–4 orders of magnitude
with respect to its typical values (Figure 2).
The rheology of the lunar mantle is still poorly constrained. In this work, the selection of reference viscos-
ity and activation energy is based primarily on laboratory experiments on olivine. It is unknown whether
these data are also representative for the lunar mantle. For the Moon, Zhang et al. (2013a) recommended a
reference viscosity ranging from 5 × 1019 to 1021 Pa s at a reference temperature of 1300 ◦C (or nearly 1600
K), which can well reproduce the temperature of today's lunar mantle based on geodynamic modeling. This
estimation supports the selection of reference viscosity in this work.
The low viscosity inferred from our models may not need to be representative of the entire mantle but only
of ilmenite-rich materials. As a rheologically weak and nonlinear component in the ilmenite-olivine mix-
ture, ilmenite can significantly reduce the viscosity of the IBC layer. Dygert et al. (2016) reported that the
viscosity of ilmenite-olivine mixtures is 1 to 2 orders of magnitude lower than the viscosity of peridotite at
temperatures between ≈1500 and 1700 K. Indeed, even with a reference viscosity of 1020 Pa s, the overturn
of IBC is strongly facilitated if the viscosity of IBC is reduced by 1 order of magnitude with respect to that of
the mantle (Figure 5c).
A rheologically weak IBC layer due to a nonlinear rheology requires the local strain rate to be sufficiently
large. As shown in Figure 2, given the temperature of ilmenite crystallization (≈1400 K), the IBC layer
is rheologically weaker with respect to the underlying lunar mantle if its local strain rate is higher than
6.4 × 10−16 s−1 for a reference viscosity of 1019 Pa s, 2.5 × 10−18 s−1 for a reference viscosity of 1020 Pa s,
or 10−18 s−1 for a reference viscosity of 1021 Pa s. As the IBC layer could be trapped by the stagnant lid, a
question is raised whether the strain rate in this region can be high enough to reduce the viscosity through
nonlinear deformation. An analysis of our simulations indicates that strain rates necessary for dislocation
creep to dominate could be reached for reference viscosities of 1020 Pa s or lower. For 𝜂r = 1021 Pa s instead,
the strain rates we find are very low (of the order of 10−20 s−1). At these conditions, diffusion creep would
likely dominate and, as our results indicate, the overturn would not be possible. In this sense, we expect
the need for a low reference viscosity to be a robust finding, independent of the use of linear or nonlinear
rheologies.
The choice of the activation energy controls the viscosity contrast over the IBC layer and, in turn, also affects
the development of the overturn. Our results suggest that a low activation energy strongly promotes the
overturn. Even with 𝜂r = 1020 Pa s and 𝛥𝜂IBC = 1, we can still observe a significant overturn of IBC using
an activation energy of 100 kJ/mol. Such a low effective activation energy, as discussed in Section 2, could
be achieved by deformation via dislocation creep. Yet it must still be demonstrated with numerical models
accounting for a mixed diffusion-dislocation creep rheology whether or not the dynamics of the overturn is
governed by dislocation-dominated deformation and whether this can be reliably mimicked using a linear
rheology with a reduced activation energy.
Parmentier et al. (2002) investigated the compositional—but isothermal—overturn of a dense IBC layer and
inferred the conditions under which this can take place in the form of a degree-one downwelling. This is
important because an overturn with long-wavelength pattern could be responsible for the accumulation of
KREEP material beneath the Procellarum KREEP Terrane, which in turn could control the hemispherical
production of partial melt that later leads to the generation of mare basalts (e.g., Laneuville et al., 2013). The
authors concluded that the dense layer must be sufficiently thick (50–100 km) and have a viscosity at least 4
orders of magnitude lower than the underlying lighter layer in order for degree one to be the fastest growing
wavelength of instability of the system. The thickness of the IBC layer is likely smaller than 50 km: 36 km
according to our crystallization sequence (Figure 4a) and ≈30 km according to Hess and Parmentier (1995),
or even less if a thinner magma ocean or a different composition are assumed (see section 3.1). Parmentier
et al. (2002) argued that the overturn could actually beginwith a small characteristicwavelength comparable
to the IBC thickness. The large viscosity of the lighter underlying material would then prevent IBC diapirs
from sinking rapidly and cause them to form a relatively thick and less dense layer of mixed IBC andmantle
material, which could then satisfy the conditions for a degree-one overturn, provided that the IBC viscosity
is at least 4 orders of magnitude lower than the viscosity of the underlying mantle.
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In our simulations, we did not observe the overturn taking place with such a long wavelength. As illustrated
in Figures 6 and 7, the compositional overturn is characterized by small-scale diapirs developing from the
bottom of the IBC layer, a behavior that we observed in all cases where the overturn was possible. On the
one hand, we accounted for a viscosity reduction of the IBC of only 1 order of magnitude (in line with the
results of Dygert et al. (2016)). Since a higher viscosity contrast is nevertheless possible, on these grounds
we cannot completely exclude the possibility of a low-degree instability. On the other hand, we did consider
a strong temperature dependence of the viscosity whose effect is twofold. It causes the stagnant lid to grow
rapidly, entrapping part of the IBC or at least retarding its mobilization (Figure 7), an effect that would be
even more pronounced if the thickness of the IBC were lower than that used here. As a consequence, the
effective thickness of the IBC available for the overturn tends to decrease. This renders it difficult to form a
layer of dense material sufficiently thick for a degree-one instability to develop according to the mechanism
proposed by Parmentier et al. (2002). Furthermore, the viscosity of the relatively hot, near-solidus mantle
beneath the IBC tends to decrease rapidly with depth (Figure 5a). This makes the viscosity contrast of 104
between IBC and mantle, which is required for the development of a degree-one overturn, difficult to reach
despite a possibly low viscosity of the IBC.
A limitation of our models is the choice of 2-D geometry (half cylinder with free-slip and insulating side-
walls), which was required in order to properly resolve the deformation of the thin IBC layer. The effects of
a 3-D geometry could be twofold. On the one hand, Guerrero et al. (2018) recently compared simulations of
stagnant lid convection carried out in 2-D spherical annuli (Hernlund & Tackley, 2008) and 3-D spherical
shells. Particularly for small core-to-planet radius ratios such as that of the Moon, the authors showed that
2-D (statistical steady state) solutions systematically overestimate the mantle temperature. If this were actu-
ally the case despite the short time scale we dealt with in our study, our conclusions on the need of a weak
lunar rheology would be strengthened. A cooler mantle would have a higher viscosity, which would ease
the formation of the stagnant lid and hinder the IBC overturn. Therefore, even lower-reference viscosities
or activation energies might be required. On the other hand, small cores tend to promote the formation of
low-degree (possibly degree-one) structures in 3-D isochemical thermal convection (Guerrero et al., 2018;
Yao et al., 2014). The IBC overturn is driven by a compositional instability, which, as previously discussed
in this section, is likely to grow according to a small wavelength comparable to the IBC thickness. Yet this
remains to be ultimately tested with high-resolution 3-D simulations of thermochemical convection.
6. Conclusions
Bymodeling the crystallization sequence of the LMO, we showed that a dense, 36-km-thick IBC layer forms
beneath the plagioclase crust. Albeit gravitationally unstable, this layer tends to remain trapped in the stag-
nant lid, which grows rapidly because of the strong temperature dependence of the viscosity. We showed
that the overturn of IBC is possible if the reference viscosity or activation energy are sufficiently low. A low
viscosity allows rapid sinking of the IBC, while a low activation energy retards the growth of the stagnant
lid, which allowsmore time for the overturn to develop. Considering a weak IBC further facilitates the over-
turn. An analysis in terms of scaling laws for Rayleigh-Taylor instability of plane layers of different densities
and viscosities confirmed the above results.
For a reference viscosity of 1021 Pa s at≈1600 K that is often assumed inmantle convection simulations, IBC
overturn does not take place, independent of the choice of the other rheological parameters. The same con-
clusion applies to a reference viscosity of 1020 Pa s combinedwith a standard activation energy of 300 kJ/mol.
For other combinations of reference viscosities and activation energies for which the IBC sink downward,
we observe either partial or complete overturn. With 𝜂r = 1020 Pa s, a partial overturn needs an activation
energy of 100–200 kJ/mol that could be achieved if the deformation was dominated by dislocation creep.
For a reference viscosity of 1018–1019 Pa s, a complete overturn can take place regardless of the value of
activation energy or whether or not the IBC are rheologically weak, which indicates the fundamental role of
the reference viscosity in controlling the overturn of IBC. Such a weak rheology can be achieved with either
a hydrated mantle, possibly in combination with the presence of trapped melt, or via dislocation creep. In
future studies, the effects of dislocation creep and hydrous lunar mantle on the overturn of IBC will have to
be investigated further.
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